Since a regional earthquake in 1951, shallow creep events on strike-slip faults within the Salton Trough, Southern California have been triggered at least 10 times by M ≥ 5.4 earthquakes within 200 km.
Introduction
Static stress changes associated with a large earthquake decrease with the distance from the hypocenter much faster than do peak dynamic stress changes (Cotton and Coutant, 1997) . Therefore it is usually assumed that dynamic perturbations are the main cause for triggering earthquakes outside the aftershock zone (<∼2 fault lengths of the epicenter). Within the aftershock zone, it is believed that both static and dynamic stresses can trigger aftershocks, even though it is still debated which mecha-networks, Parsons et al. (2014) concluded that the aforementioned factors may not be the dominant ones for dynamic triggering of earthquakes and rather, azimuth and polarization of surface waves with respect to receiver faults may play more important roles.
Stress changes accompanying a large earthquake not only trigger other earthquakes but also induce aseismic slip on strike-slip faults. A creep rate reduction on the southern Hayward fault after the 1989 Loma Prieta earthquake is consistent with the reduction of shear stress induced by the earthquake (Lienkaemper et al., 2001) . The 1983 Coalinga earthquake appeared to have affected the creep rate on the creeping section of the San Andreas Fault near Parkfield in a similar manner (Simpson et al., 1988) . Du et al. (2003) calculated the static stress change due to nearby earthquakes in the Salton Trough, Southern California. They found in 7 out of 10 cases static stress changes promoted triggered slip. In a numerical simulation they applied sinusoidal waves to a singledegree-of-freedom spring-slider system to study the effect of dynamic triggering on fault creep. They showed that certain types of transient loads can trigger a creep event. However, the dynamic stress perturbations introduced in their simulation are hypothetical sinusoidal waves and their model does not have depth-dependent fault properties, and hence the model results cannot be directly compared to natural fault slip observations. Recent advances in observations and numerical simulations encourage us to revisit the topic to improve our understanding of creep events triggering by nearby large earthquakes. Wei et al. (2013) developed a numerical fault model that can explain geodetic and geological observations of spontaneous creep events on strike-slip faults. This model can be modified to simulate triggered creep events and compare them with observations. In addition, large amounts of seismic, strain and fault creep data are now available in the Salton Trough. We have a very good record of both the forcing function (strain changes from which we may infer stress changes) and the response of the fault, i.e. surface creep events with known amplitudes. The study of near surface triggering of fault slip is thus more precisely constrained than the study of triggered subsurface earthquakes or non-volcanic tremors, where the fault response occurs deep within the earth and where the location and time history of slip is rarely well constrained by geodetic data. In the absence of the time history of triggered slip the measured response is usually a rate change that poorly constrains mechanical models.
In this paper, we focus on the causal mechanism of episodic creep events on the Superstition Hills Fault (SHF) triggered by moderate earthquakes in and near the Salton Trough. Prior to the 24th November 1987, Mw 6.7 earthquake on the SHF, slip rates on the fault were less than 0.5 mm/yr (Louie et al., 1985) . After 1987, more than 25 yr of surface afterslip has been recorded (Bilham, 1989; Rymer et al., 2002; Wei et al., 2011 Wei et al., , 2013 . To begin, we construct a comprehensive catalog of creep events on the SHF based on data from geological surveys, creepmeter and Interferometric Synthetic Aperture Radar (InSAR) measurements. Next, we constrain the static and dynamic perturbations on SHF from six M ≥ 5.4 earthquakes based on published papers and strong motion data, respectively. Finally, realistic static and dynamic perturbations for the 1992 Mw 7.3 Landers, 1999 Mw 7.1 Hector Mine, and 2010 Mw 7.2 El Mayor were analyzed using the numerical fault model proposed by Wei et al. (2013) .
Observations of creep events at Salton Trough, Southern California
On many creeping faults, surface creep consists of continuous creep and episodic creep events (Bilham, 1989; Wei et al., 2013) . Creep events occur spontaneously, or during the passage of surface waves from nearby earthquakes (Rymer et al., 2002) , or in response to soil moisture changes (Schulz et al., 1983) . The Salton Trough is a sedimentary basin at the southern end of the San Andreas Fault system near the US and Mexico border. Records of triggered slip are available for more than ten occasions from the Superstition Hills Fault (SHF), the San Andreas Fault, and the Imperial Fault as well as from numerous minor faults in the Coachella and Imperial Valleys (Rymer et al., 2002; Wei et al., 2011 Wei et al., , 2013 .
Since 1950, more than 10 earthquakes with M ≥ 5.4 have occurred within 200 km from this region (Fig. 1) , many of which triggered creep events on multiple faults (Table S1 in the supplementary material). From Table S1 it is evident that triggered surface slip can occur when the host fault lies within 150 km of a Mw > 7 earthquake, within 80 km of a Mw > 6 earthquake, or within 20 km of a Mw > 5 earthquake. Not all triggered slip occurs on faults recognized to be actively creeping, but in general those that exhibit steady slow surface creep or episodic creep events are regularly triggered by nearby earthquakes.
The SHF has over 60 yr of record of triggered creep as early as 1951 (Allen et al., 1972) and over 25 yr of digital data. Since 1951, creep events on the SHF were triggered by the 1968 Mw 6.5 Borrego Mountain, 1979 Mw 6.4 Imperial, 1981 Mw 5.8 Westmorland, 1992 Mw 7.3 Landers, 1999 Mw 7.1 Hector Mine, 2010 Mw 7.2 El Mayor (Rymer et al., 2002 Wei et al., 2011 and references therein) , and the 2012 Mw 5.4 Brawley (Hauksson et al., 2013) earthquakes. The largest observed triggered creep event has a surface slip of 22 mm and the smallest of 0.17 mm (Table 1) . Determining the exact timing and associated uncertainties of triggered creep depends on available measurements. For the seven earthquakes mentioned above, creepmeter measurements are available only for creep events triggered by the 1992 Landers and Big Bear earthquakes, the 2010 El Mayor and the 2012 Brawley earthquakes. Where data with a sample rate of 1 min were available in 1992 it appears that triggered slip accompanies the passage of surface waves (Bodin et al., 1994) . The timing of creep associated with other earthquakes relies on field survey and InSAR, and therefore we can only confirm that creep occurred within 24 h after the mainshock.
The history of SHF creep events is complementarily constrained by geological surveys, creepmeter and InSAR measurements. Field survey on the SHF has been conducted since 1950s after each regional large earthquake (Rymer et al., 2002 ). An analogue creepmeter was installed on the SHF in 1967 by Caltech but it recorded negligible creep (Louie et al., 1985) . Three digital creepmeters operated on the SHF for five years following the 1987 Mw 6.6 SHF earthquake (Bilham et al., 2004) . Recording was resumed with a single creepmeter in March 2004. The sampling rate of a creepmeter is typically 1-5 min (Bilham et al., 2004) . InSAR data became available following the launch of the ERS satellite in 1992, and the interval between ERS/Envisat InSAR observations is 35 days. Field surveys usually occur within 24 h of the mainshock (Rymer et al., 2002) .
Aiming to find possible creep events during the 1992-2004 time period when the creepmeter was off-line, we analyzed ERS InSAR images (Track 356 Frame 2943, Fig. 2 ). The data were downloaded from the UNAVCO SAR archive and processed with GMTSAR (http :/ /topex .ucsd .edu /gmtsar/). Based on the InSAR data, we infer that at least two previously unknown large events occurred between 1993 and 1996. Assuming most of the deformation is horizontal (there is no topographic step across the fault) we estimated a displacement of 1-2 cm for both events (Fig. 2) . Robert Sharp (personal communication, 1999) observed one of these 2 cm events in the field but its time is not well resolved. The first event occurred between 11/03/1993 and 07/13/1995, and the second one occurred between 10/11/1996 and 12/20/1996. The timing of the second event is better constrained than the first event because more SAR images became available after the launch of ERS2 in 1995. Considering the magnitude and time range of these two creep events, it is likely that each episode was a single event, although, due to the InSAR time resolution, we cannot rule out the possibility that each consisted of multiple smaller events. Fig. 3 thus presents the most complete slip history of creep events on a strike-slip fault up to date. We also found two creep events that only slipped at the northern segment of SHF. We do not include them in the creep time series in Fig. 3 because the creepmeter is located in the southern segment of SHF. Many creep events occurred during 1988-1991 but there was only one case in that time period where a M4.7 likely triggered slip on SHF (Williams and Magistrale, 1989) . Part of this is due to the paucity of M > 4 aftershocks (Bilham, 1989) . There were only three M > 4 aftershocks since the installation of the creepmeters in December 1987, and the last one occurred in March 1988. Since then, there was no M > 4 earthquake on the SHF. Table 1 ). However, these numbers are 1-2 orders of magnitude smaller than the dynamic stress perturbations with the exception of the 2012 Mw 5.4 Brawley earthquake, which is very close to SHF. We will later show that these static stress changes are too small to trigger creep events. Instead, dynamic perturbations are the main mechanism of triggering creep events at SHF.
The dynamic stress changes were constrained mainly by strong motion data, which are available for many of the relevant events over the last 40 yr. A potential instrumental problem with strong motion sensors is that they are not designed to accurately record long period (>10 s) seismic waves (Boore and Bommer, 2005) . With the notion that longer period perturbations might be the most important in triggering (Brodsky and Prejean, 2005) , we used high-rate GPS data (Bock et al., 2011) to validate the use of strong motion data alone for computing dynamic stress perturbations in this region. The comparison between high-rate GPS (1 Hz) and strong motion and combined GPS-strong-motion shows that the strong motion sensor records very likely reflect the true ground motion for nearby large earthquakes in this region ( Fig. S1 in the supplementary material). For consistency, we use strong motion data to constrain the dynamic perturbations even when high-rate GPS data are available for recent events. We primarily rely on the strong motion station 11 628 (30 km north of the northern end of SHF) because it is the longest running (since at least 1992) and the closest station to SHF (Fig. 1) . The strong motion displacement time series are rotated to the normal and shear directions relative to the SHF fault plane, and translated respectively to normal and shear stress changes using the equation:
D is the strong motion data in displacement, V g is the group wave velocity (3.5 km/s), and μ is the shear modulus (30 GPa). This assumes that large amplitude surface waves are more important in triggering than body waves and that the surface waves can be treated as a plane wave with a constant velocity. All the earthquakes listed in Table 1 show a peak-to-trough amplitude of 0.5-1 MPa in dynamic perturbations at the Imler road site on the SHF and are at least an order of magnitude larger than static stress 
Fault slip modeling in the framework of rate-and-state friction
We next model the SHF as a 1D strike-slip fault with depthvariable frictional properties in a 2D medium in the framework of laboratory-derived rate-and-state friction laws (Dieterich, 1979; Ruina, 1983) . Wei et al. (2013) proposed a model that includes three layers of alternating frictional stability above the seismogenic zone (Fig. 4) because the traditional 3-layer model (Scholz, 1998) cannot simultaneously reproduce the continuous afterslip and the episodic creep events observed following the 1987 Mw 6.7 SHF earthquake. Specifically, a thin velocity-weakening (VW) layer is embedded within the top stable zone. As a result, creep events nucleate in this small VW layer and propagate to the surface, whereas long-term afterslip arises from the velocity-strengthening (VS) layer beneath it. The continuous creep between successive creep events is due to the existence of the top VS layer. The shallow VS layer might correspond to a special layer observed in sediments in nearby drilling samples . Detailed studies including well log data in the nearby Salton Sea Geothermal Field found that Salton Trough sediments can switch from failing 
where D is the strong motion data in displacement, V g is the surface wave's group velocity (3.5 km/s), and μ is the shear modulus (30 GPa). (a) Dynamic stress perturbations used to produce results in the perturbed model, which are applied at the times of the Landers, Hector Mine, and El Mayor earthquakes. These perturbations are scaled by a factor of 2.13, 2.023, and 0.538 from the stress perturbations derived from the strong motion data at stations 11 628, 11 628, and 11 369, respectively. (b) The red solid line is the reference model with no perturbations added ). The blue line shows a simulation that included all three perturbations. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) in creep events to rupturing in earthquakes over just a few km due to hydrothermal alteration and the introduction of a significant amount of feldsphar minerals (McGuire et al., 2015) . Similar compositional heterogeneity is possible at the SHF. This fault model can reproduce the geodetic and geological observations, including coseismic slip, rapid afterslip, and spontaneous episodic or continuous creep on the SHF (red line in Fig. 5b ; see Wei et al., 2013) . Following an earthquake, the rate of displacement contributed by successive creep events decreases continuously, while the interval between events increases before reaching a steady value, consistent with observations. The key parameters in the rate-and-state friction model include a, b, D c , and σ , where a and b are non- dimensional friction stability parameters, D c is the critical distance (sliding distance required to renew the contact population on the fault following a velocity step), and σ is the effective normal stress (normal stress minus pore pressure) (Dieterich, 1979; Ruina, 1983) . In the shallow VW layer (0.2-1 km depth) (Fig. 4) we set: a-b = −0.004; a = 0.015; D c = 0.2-0.7 mm; σ = 5.6-15.6 MPa.
The effective normal stress increases linearly with depth at a rate of 13 MPa/km (lithostatic minus hydrostatic) and a base value of 2.96 MPa at surface is included.
Normal and shear stress perturbations (static or dynamic) can be applied on the fault at any desired time in the simulated earthquake cycle. For the static cases, we apply the stress change over the entire fault. For the dynamic cases, we apply the perturbations only in the top 3 km where the largest surface wave amplitudes are expected. Fault slip rate and state variable evolution following a stress perturbation are formulated based on laboratory experiments (Linker and Dieterich, 1992; Richardson and Marone, 1999) and are incorporated into the rate-and-state friction model as:
where θ is the state variable and V is the slip rate. σ 1 and σ 2 are the effective normal stress, and τ 1 and τ 2 are the shear stress, before and after the perturbation, respectively. α is set to be 0.2 for a base friction of 0.6, measured by Linker and Dieterich (1992) and Richardson and Marone (1999) on granite surface with gouge.
Building upon the reference model as shown in Fig. 5b (red solid line), we first added static stress changes up to 0.1 MPa and found that these changes are too small to instantaneously trigger creep events (<0.01 mm slip within 24 h). Then, we applied dynamic perturbations of both normal and shear components, which are constrained by strong motion data from the Landers, Hector Mine, and El Mayor earthquakes (Fig. 5a ). As shown in Fig. 5b , the perturbed model (blue solid line) reproduces the observed triggered slip of similar timing and displacement. This indicates that creep events on the SHF are dynamically triggered by these three earthquakes. In addition, there seems to be distinct temporal features between spontaneous and triggered creep events. A spontaneous event includes slip acceleration over a few minutes followed by gradual return to background slip rate over several hours or days, often including multiple small creep events, whereas a triggered event is usually manifested as a single abrupt fault displacement between two data samples (1-5 min). Our model reproduces this feature of the creepmeter data (Fig. 6) . The reason for the difference is that when the top VS layer is triggered by the transient dynamic perturbations very little energy is left for afterslip between creep events. Our simulations also show that the same equivalent Coulomb stress change, due to either shear stress only ( σ = 0) or normal stress only ( τ = 0), would trigger similar creep (Fig. S2 in supplementary materials) . This shows that Coulomb stress change is a good indicator for triggering, as was suggested by Perfettini et al. (2003b) . In our model, we use a base friction of 0.6 to calculate the Coulomb stress change.
The displacement of triggered creep events scales with the maximum dynamic Coulomb stress change (Fig. 7a) . To reproduce the proper displacement for each event, we have to finetune the perturbations by applying appropriate scaling factors to the dynamic perturbations derived from strong motion data. Such scaling factors would account for the uncertainties in the calcula- tion of dynamic stress perturbations from strong motion observations, which are not situated directly on the fault, as well as for the uncertainties in the parameters in our rate-and-state model. The modeled displacement scales exponentially with the perturbations until it reaches a threshold, above which the slip scales steeply and linearly with the perturbation and the triggered event becomes an earthquake (maximum velocity >10 cm/s) (Fig. 7a) .
Thus, if a perturbation is sufficiently strong, the event in the shallow VW layer will become seismic (Kaneko and Lapusta, 2008) . The slope of these scaling curves depends on the timing of perturbation. For example, the slope for the Landers case is gentle because the perturbation occurs during an early stage of the creep event cycle. In contrast, the slope for El Mayor is very sharp because the shallow VW layer is close to failure when perturbation is introduced. However, observations show no evidence of triggered earthquakes on SHF from these three mainshock events. Either the perturbation was insufficient to trigger earthquakes or our fault model is missing some physics such as dilatancy strengthening that can stabilize slip (Segall et al., 2010; Liu, 2013) so that the triggered slip will not grow to earthquakes even at very large perturbations.
Based on both observations and numerical simulations we may establish the perturbation threshold needed to trigger creep events on the SHF. Observations (Table S1 in the supplementary materials) show that triggering of creep events on the SHF requires a Mw > 7 earthquake within 150 km, Mw > 6 within 80 km, and Mw > 5 within 20 km. Earthquakes that do trigger creep events on the SHF usually show a peak-to-trough amplitude of 0.5-1 MPa of the dynamic Coulomb stress change, whereas the earthquakes that do not trigger creep events usually have a perturbation less than ∼0.01 MPa on the SHF. This brackets the triggering threshold to be somewhere between 0.01-1 MPa. With numerical simulation, we can reduce this triggering threshold uncertainty. Taking the three waveforms in Fig. 5a as examples, we vary the timing of perturbation and scale the waveforms to further constrain the triggering threshold. Because the resolution of the Superstition Hills creepmeter is 9.6 μm during inter-seismic period and 1 mm during co-seismic rupture (Bilham et al., 2004) , we plot the stress threshold as a function of time between two spontaneous creep events when the perturbation is introduced for the two resolutions. The triggering threshold for 0.01 mm slip is about 0.6 MPa and the triggering threshold for 1 mm slip is about 0.8 MPa (Fig. 7b) . Variation of the threshold with time is small, with the maximum reached around the middle of the interval when the shallow VW layer has returned to a more firmly locked state.
In Fig. 8 we present examples of modeling results for dynamic Coulomb stress histories derived from the Landers earthquake data during the perturbation. We find the triggered creep event usually consists of several individual events, each lasting less than 1 second (blue lines in Fig. 8) . The magnitude and timing of each individual event depends on the dynamic Coulomb stress change. Noticeable slip will occur when the Coulomb stress exceeds a threshold, 0.75 MPa for this case, and the displacement depends on the amplitude of the stress above the threshold. Perturbations below this threshold will not trigger any noticeable slip at this scale (red lines in Fig. 8 ). However, a Coulomb stress change above 0.6 MPa but below 0.75 MPa could trigger small slip at a level of 0.01 mm, which is not visible at the scale presented in Fig. 8c .
The time-integrated dynamic Coulomb stress perturbation also affects the triggering threshold and the displacement of triggered slip, in addition to the maximum Coulomb stress perturbation. In Fig. 9 , we show the results of three groups of simulations. Group one is the original waveform for the Landers earthquake. In the other two groups, we modify the original waveform by scaling both the normal and shear stress perturbations by a factor of 0.5 (modified waveform 1, red) and 2 (modified waveform 2, black), respectively, when the Coulomb stress change is negative (Fig. 9a) . This multiplication factor artificially reduces or amplifies the negative Coulomb stress change but keeps the positive Coulomb stress change the same for all the three groups. Then we scale each group of perturbation by a common factor of 1.0-2.4 and apply them at timing of the Landers earthquake. The scaling of triggered slip with maximum positive Coulomb perturbation is different for the three groups of simulations (Fig. 9b) . Modified waveform 1 requires less Coulomb stress to trigger 1 mm slip whereas modified waveform 2 requires more (Fig. 9d) . The threshold scales linearly with the Coulomb stress change integrated over the period of the wave train (Fig. 9d) . This shows that the asymmetry of a waveform can also affect the ability to trigger fault creep, in addition to just the maximum Coulomb stress change. The waveform with negative integrated Coulomb stress change (black lines in Fig. 9 ) can still trigger creep events mainly because the nonlinear effect of stress perturbations on the slip velocity and state variable (as shown in equations (1) and (2)). To our knowledge, there is no previous study on the asymmetry of waveforms for dynamic triggering. Perfettini et al. (2003a Perfettini et al. ( , 2003b ) studied static and dynamic triggering of earthquakes in a 1D fault model in the rate-and-state friction framework. They showed many characteristics that we have seen in our simulations including the instantaneous triggering of slip events. However, in Perfettini et al. (2003b) , the instantaneous dynamic triggering threshold is about 7 MPa, whereas ours is an order of magnitude smaller at about 0.6 MPa for 0.01 mm slip and 0.8 MPa for 1 mm slip. This difference likely results from the different parameters used for the fault segments that nucleate the slip events (Table S2 in the supplementary material). The ratio of these thresholds (∼11.7) is close to the ratio of the nucleation sizes in the two studies (∼10; 9 km versus 0.9 km) but not to that of normal stress (∼5) or Dc (∼ 40). However, we find that the triggering threshold does not linearly scale with the nucleation size. We consider three additional scenarios by decreasing (i) the effective normal stress by 50% in the top 1 km, (ii) the Dc by 50% in the top 1 km, and (iii) both the effective normal stress and Dc by 50% (and hence retaining the same h * ) (Fig. S3 in the sup-plementary material) , where h * is the nucleation size (Rubin and Ampuero, 2005) . The triggering threshold for 1 mm slip decreased from 0.84 to 0.75, 0.78, and 0.74 MPa for scenario (i), (ii), and (iii), respectively (Fig. S3) . Therefore, the similar ratio between the triggering threshold and the nucleation size is a coincidence. These results also suggest that the triggering threshold depends on the effective normal stress and Dc even for the same h * .
Discussion
The dynamic Coulomb stress model has explained the asymmetry in aftershock distribution of the 1992 Landers earthquake (Kilb et al., 2000) , the instantaneously triggering of earthquake in simulations by Perfettini et al. (2003b) , and the instantaneously triggering of creep events in our study. This is consistent with what Parsons et al. (2014) have suggested that azimuth and polarization of surface waves might be important for dynamic triggering of earthquakes. The polarization describes the effect when seismic surface waves travel through heterogeneous structure, the wave packets get refracted laterally, away from the source-receiver great circle (Laske et al., 1994) , which is different from the polarity of body waves. Both azimuth and polarization of surface waves affect the dynamic Coulomb stress because perturbations caused by surface waves need to be projected to the normal and shear direction of the fault. Therefore, the same surface wave but different azimuth or polarization will cause different dynamic Coulomb stress and triggered slip.
The findings we present in this paper are specific for the SHF site for a specific type of fault slip. It is not yet clear how applicable our results are for other regions. For example, creepmeters in Central California recorded many apparent fault-slip steps at times of moderate local earthquakes of magnitudes 4-5 (King et al., 1977) . It is possible to conduct a similar study focusing on Central California. Moreover, the threshold of 0.6 MPa for dynamic triggering for creep events in Salton Trough seems larger than that for triggering earthquakes in geothermal fields, 5 kPa (Brodsky and Prejean, 2005) and non-volcanic tremors in subduction zones, 40 kPa in Cascadia (Rubinstein et al., 2007) and 60 kPa in Taiwan (Peng and Chao, 2008) , non-volcanic tremors on San Andreas Fault, 2-3 kPa (Peng et al., 2009) , and earthquakes near shale gas production sites in western Alberta, Canada, 0.2-0.4 kPa (Wang et al., 2015) . Many remotely triggered earthquakes and non-volcanic tremors are believed to occur at locations with elevated pore pressure and low effective normal stress of a few MPa (Hill et al., 1993; Brodsky and Prejean, 2005; Rubinstein et al., 2007) . In contrast, the average normal stress change at the shallow VW layer in our system is much larger at about 10 MPa. Moreover, the different density of source population might also explain the different triggering threshold. As shown in Perfettini et al. (2003b) , dynamic triggering threshold drops dramatically if the fault is very close to failure (<5% of interval), i.e. critically stressed. For a given study region, there are much more tremor/earthquake (in geothermal fields) sources that are very close to failure than creep-event sources and hence the observed triggering threshold is much smaller for tremor/earthquake. All in all, if rate-and-state friction is the sole mechanism that dictates triggering, the difference between triggering and non-triggering should depend on the magnitude of the effective normal stress, the frictional properties, or the density of source population of the system.
One key aspect of dynamic triggering as applied to earthquakes and tremor has been the uncertainty in the physical mechanism that would cause the observed delays between the applied stress perturbation and the occurrence of earthquake/tremor event. Shelly et al. (2011) proposed that dynamic triggering of aseismic creep is a likely explanation for the prolonged, dynamically triggered tremor sequences on the deep San Andreas Fault, and by extension for many other delayed triggering earthquake or tremor sequences. Owing to the source depth (∼20 km) and small magnitude, those postulated creep events were not detectable with geodetic data and instead inferred based on tremor migration rates (10s of km/h) that are somewhat similar to creep event rupture velocities observed elsewhere. A similar connection is observed in earthquake swarms in the Salton Trough (Lohman and McGuire, 2007; Roland and McGuire, 2009) . While the spontaneous creep events on the SHF are not typically associated with any seismicity (Wei et al., 2011) , they do propagate at velocities (∼100 km/h; Bilham, 1989) similar to that inferred from the tremor migration on the SAF (Shelly et al., 2011) . On one hand, this suggests similar frictional properties and stress conditions (Rubin, 2008; Roland and McGuire, 2009 ) between 20 km depth at Parkfield and top 1 km in Salton Trough. On the other hand, this seems contradictory to our suggestion that effective normal stress can explain the different triggering threshold of tremor at 2-3 kPa (Peng et al., 2009) and creep events at 0.6 MPa (this study).
To look for the connection postulated by Shelly et al. (2011) we examined the seismograms at a nearby seismic station (ERR of the Caltech Regional Seismic Network) during the passing surface waves from the 2004 Mw 9.1 Sumatra, 2010 Mw 8.8 Chile, 2011 Mw 9.0 Tohoku, and 2012 Mw 8.6 Indian Ocean earthquakes which had maximum velocities of 0.06, 0.11, 0.10, and 0.06 cm/s, respectively, but did not trigger any detectable slip on the creepmeter or InSAR data. The corresponding stress perturbations are about 5.1, 9.4, 8.6, and 5.1 kPa. Therefore, the lack of triggered creep is not surprising because the normal stress of the shallow VW layer is quite high (∼10 MPa) and these ground motions are at least one order of magnitude smaller than that of the 1992 Landers, 1999 Hector Mine and 2010 El Mayor earthquakes.
Thus, while triggered creep is common on the SHF and other strike-slip faults in the Salton Trough there is not a clear extrapolation of these events as a likely causative source of prolonged tremor or earthquake sequences in other regions. In particular, the observation that triggered creep events happen nearly instantaneously (Fig. 6 ) in contrast to multi-day spontaneous events suggests that triggered creep may have the same difficulties explaining protracted sequences of triggered seismicity/tremor that last for days following the transient dynamic stresses.
Conclusions
Not all creep events on the Superstition Hills fault are triggered by earthquakes, but of the subset that accompany nearby earthquakes we show that dynamic stress changes during the passage of seismic waves are most likely to have triggered slip. Numerical simulations show that static stress changes from regional nearby large earthquakes (M ≥ 5.4) are typically less than 0.1 MPa and too small to instantaneously trigger creep events, whereas dynamic perturbations alone are large enough to do so. The instantaneous triggering of creep events depends on the peak amplitude of the Coulomb stress change and the time-integrated dynamic Coulomb stress change. Observations show that triggering of creep events on the Superstition Hills fault accompanies Mw > 7 earthquakes within 150 km, Mw > 6 earthquakes within 80 km, and Mw > 5 earthquakes within 20 km. Based on observations and simulations, the stress change amplitude required to trigger a creep event of 0.01 mm surface slip is about 0.6 MPa. This is at least one magnitude larger than the triggering threshold of non-volcanic tremor (2-60 kPa) and earthquakes in geothermal fields (5 kPa) and near shale gas production sites (0.2-0.4 kPa), which may be due to the difference in effective normal stress, friction, or density of source population in these systems or different triggering mechanisms. We conclude that shallow frictional heterogeneity can explain both the spontaneous and dynamically triggered creep events in our study area.
